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1 | INTRODUCTION

The Neoproterozoic Era (1,000-541 Ma) is a period in geologic
history characterized by innovation in biology (Cohen, Strauss,
Rooney, Sharma, & Tosca, 2017; Erwin et al., 2011; Knoll, 2003), the

breakup of the supercontinent Rodinia (Li et al., 2008), and a series

Abstract

Throughout most of the sedimentary record, the marine carbon cycle is interpreted
as being in isotopic steady state. This is most commonly inferred via isotopic recon-
structions, where two export fluxes (organic carbon and carbonate) are offset by a
constant isotopic fractionation of ~25 (termed e,5_,rp)- Sedimentary deposits imme-
diately overlying the Marinoan snowball Earth diamictites, however, stray from this
prediction. In stratigraphic sections from the Ol Formation (Mongolia) and Sheepbed
Formation (Canada), we observe a temporary excursion where the organic matter has
anomalously heavy §13C and is grossly decoupled from the carbonate §13C. This signal
may reflect the unique biogeochemical conditions that persisted in the aftermath of
snowball Earth. For example, physical oceanographic modeling suggests that a strong
density gradient caused the ocean to remain stratified for about 50,000 years after
termination of the Marinoan snowball event, during which time the surface ocean
and continental weathering consumed the large atmospheric CO, reservoir. Further,
we now better understand how §13C records of carbonate can be post-depostionally
altered and thus be misleading. In an attempt to explain the observed carbon isotope
record, we developed a model that tracks the fluxes and isotopic values of carbon
between the surface ocean, deep ocean, and atmosphere. By comparing the model
output to the sedimentary data, stratification alone cannot generate the anomalous
observed isotopic signal. Reproducing the heavy 613C in organic matter requires the
progressively diminishing contribution of an additional anomalous source of organic

matter. The exact source of this organic matter is unclear.
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of snowball Earth events that covered the globe in ice (Hoffman,
Kaufman, Halverson, & Schrag, 1998). Perturbations have been
noted in the carbon, sulfur, and oxygen cycles and in certain cases
are stratigraphically linked to global glaciation (Bao, Lyons, & Zhou,
2008; Hoffman et al., 1998; Hurtgen, Arthur, Suits, & Kaufman,
2002; Rothman, Hayes, & Summons, 2003). Here, much focus has
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been given to the carbon cycle (cf. Halverson, Hoffman, Schrag,
Maloof, & Rice, 2005; Hoffman et al., 1998), where arguments sug-
gest a record of strong climatic and geochemical changes based
on the §13C of carbonate. Although less well represented, similar
studies have closed the loop providing organic carbon §3C in com-
plement to carbonate carbon in an effort to better understand the
overall biogeochemical response to these extreme climatic events
(Cui, Kaufman, Xiao, Zhou, & Liu, 2017; Jiang et al., 2010; Johnston,
Poulton, Tosca, O'brien, Halverson, Schrag, & Macdonald, 2013;
McFadden et al., 2008; Sansjofre et al., 2011; Swanson-Hysell et al.,
2010; Wang, Jiang, Shi, & Xiao, 2016). Here, we focus on the younger
of the two glaciations (the Marinoan) and use the behavior of the
surface carbon cycle as a vehicle to assay the nature of the biosphere
and environmental change at this time.

The Marinoan snowball Earth event (>640-635 Ma) is charac-
terized in the geologic record by evidence of glaciation at equatorial
latitudes (Hoffman et al., 1998). One hypothesis is that weathering
of low-latitude continents decreased atmospheric CO, causing a
runaway glaciation (cf. Cox et al., 2016). Glaciation only terminated
when volcanic emissions increased atmospheric CO, sufficiently
for greenhouse warming to overcome the high planetary albedo
that came from ice coverage (Hoffman & Schrag, 2002). The subse-
quently warm, high CO, conditions accelerated the hydrologic cycle,
rapidly weathered the post-glacial continents, delivered alkalinity
to the ocean, and drove global carbonate precipitation (Higgins &
Schrag, 2003). In the geologic record, this is observed globally in the
form of cap carbonates overlying the glacial diamictites (Hoffman
et al., 1998). Synglacial carbonates are rare, so these cap carbonate
deposits and the sediments above are the best window to under-
stand both the environmental conditions adopted from a synglacial
ocean and the lasting biogeochemical consequences that extended
into the post-glacial world.

Recent work suggests that immediately after the Marinoan
deglaciation, the ocean was intensely stratified (Yang, Jansen,
Macdonald, & Abbot, 2017). Here, a large volume of relatively warm
fresh meltwater would cover the dense, previously glacial, cold, and
salty ocean. This plumeworld hypothesis was originally proposed
to explain the globally preserved cap carbonates (Allen & Hoffman,
2005; Shields, 2005). Sulfur isotope measurements (Shen et al.,
2008), as well as magnesium and strontium isotope measurements
(Liu, Wang, Raub, Macdonald, & Evans, 2014) of the post-Marinoan
cap dolostone, are all consistent with the idea that the carbonate
precipitated in a globally stratified ocean. These ideas have been
further bolstered by Ca?* and Mg?* isotope work (Ahm, Bjerrum,
Blattler, Swart, & Higgins, 2018), which place additional constraints
on the §13C of dissolved inorganic carbon. Estimates of the stratifica-
tion timescale vary and have recently been extended to be as long as
50,000 years (with lower estimates at 8,000 years; Liu et al., 2014;
Yang et al., 2017). Related to these estimates, the inferred deposition
rates of cap carbonates are also uncertain, ranging from 102 years
(Hoffman et al., 1998) up to 105 years (Font, Nédélec, Trindade, &
Moreau, 2010; Higgins & Schrag, 2003; Trindade, Font, D'Agrella-
Filho, Nogueira, & Riccomini, 2003).
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Previous studies have addressed general carbon cycling in
Neoproterozoic stratigraphic sections immediately postdating the
Marinoan glaciation (Hoffman et al., 1998; Hoffman & Schrag, 2002;
Sansjofre et al., 2011). These units characteristically capture evolv-
ing carbonate carbon isotope compositions, but (as noted above) are
less commonly complemented by the carbon isotope composition of
corresponding organic matter. When this has been done, for exam-
ple, isotopic variability in the offset between carbonate and organic
matter has been used to argue for low post-glacial CO, (Sansjofre
et al., 2011)—this is in stark contrast to climate models (Hoffman
et al., 2017; Pierrehumbert, 2010) and minor oxygen isotopes in
Mainoan cap-barite crystal fans (Bao et al., 2008). Following on this
work, in this study we present §13C data of carbonate and organic
matter from two post-Marinoan sections that show particularly
anomalous 613C0rg signals—an isotopic character yet unseen in the

Neoproterozoic.

2 | GEOLOGICAL SETTING

We focus on two well-studied post-Marinoan stratigraphic sections,
the Ol Formation in Mongolia (Macdonald, Jones, & Schrag, 2009)
and the Sheepbed Formation in the Yukon (Johnston et al., 2013;
Macdonald et al., 2013). These two stratigraphic units cover simi-
lar periods of time (and are anchored on glacial deposits), but also
carry important lithological differences that allow further interpre-
tive insight. Overall, however, these sections provide a window into
carbon cycling on platform margins during the immediate aftermath
of the Marinoan snowball Earth. The geological setting and regional
setting, along with basin interpretations, are provided elsewhere
(Macdonald et al., 2009, 2013); however, we do provide a facies de-
scription and stratigraphic columns in Figure 1.

The Ol Formation sharply overlies glacial deposits of the
Khongor Formation and is composed of ~7 m of dolostone suc-
ceeded by ~20 m of limestone. This cap dolostone consists of buff
to pink-colored, largely recrystallized micropeloidal dolomite, while
the overlying limestones start with buff limestone ribbonite (nodular
bedded calcisiltite), succeeded by gray rhythmite (flat, graded beds
of micrite and calcisiltite), iron-rich siltstone interbedded with marly
carbonate, and gray grainstone (Macdonald et al., 2009). Above the
cap dolomite, the carbonate rocks are mostly limestone, with the
occasional presence of partially dolomitized carbonates (Bold et al.,
2016). Sea floor cements made mainly of aragonite pseudomorphs
are observed at the limestone-dolostone transition, present either
as individual blades growing into overlying sediment or as crystal
fan shrubs (Macdonald, 2011). The cap dolostone, ribbonite, and
rhythmite are interpreted to represent a transgressive systems tract
culminating with a maximum flooding surface in the iron-rich silt-
stone, and succeeded by a highstand systems tract in the overlying
grainstone. Importantly, Neoproterozoic carbonate strata were de-
posited on an isolated carbonate platform margin and ramp (Bold
et al., 2016), analogous to the modern Bahama Bank, and there is

little evidence of terrestrial input throughout the succession.
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FIGURE 1 Presented are the sections containing anomalous 513COrg signals. The Mongolian Ol Formation is carbonate (a), whereas the

Sheepbed Formation from the Yukon is predominantly siliciclastic with interbedded carbonates (b). Red circles are 63C_,,,, values. Open blue
circles are the composition of organics from the carbonates (§13C,,, _ ), while closed blue circles are the composition of bulk TOC from shale

(513C°rg_s). The 55,

The Sheepbed Formation overlies the ~1 m Hayhook limestone,
the ~30-m-thick Ravensthroat cap dolostone and laterally discon-
tinuous wedges of the Marinoan Stelfox diamictite. The thickness
of the Sheepbed Formation varies between 200 and 600 m and is
composed of shale with thin limestone interbeds. The shale from the
lower 100 m of the Sheepbed is the most fissile and is likely to rep-
resent the maximum flooding surface of the post-Marinoan snowball
recovery (Johnston et al., 2013; Macdonald et al., 2013). In the high-
stand systems tract of the upper Sheepbed Formation, siltstone and
dolostone interbeds become more common before transitioning into

dolomite of the Gametrail Formation.

3 | ANALYTICAL METHODS

Isotope data are presented using standard delta notation with units
of permil (%) reported relative to the Vienna PeeDee Belemnite
(VPDB) standard. Measurements of §1°C,,,, and §1°C,,, were made
separately, but where possible, are from the same hand sample.
Carbonate samples were first cut and then micro-drilled on the ex-
posed surface to obtain 5-20 mg of powder. Samples that showed
visible secondary alteration, veining, fractures, and large siliciclastic
components were avoided. Analyte CO, was collected cryogeni-
cally from the powdered samples by reaction in a common, purified
H,PO, bath at 90°C. The subsequent §13C,,,, analyses were made
with a VG Optima dual-inlet mass spectrometer attached to a VG

Isocarb preparation device with a precision of +0.2. Organic matter

arb fOr both sections are plotted together at right (c), with different Y-axis scales

was extracted after decalcification in concentrated HCI for 48 hr.
This residue was then analyzed with a Carlo Erba Elemental Analyzer
attached to a ThermoFinnigan Delta V configured in continuous
flow mode. External error of this measurement was +0.3 for §1°C
and +£0.05 wt% for TOC. For the Sheepbed Formation, we measured
both the §1°C,,, from the organic matter in carbonate lenses and the
813C,,q from the organic matter in the shale. The Ol Formation had
no significant siliciclastic beds, so the §1°C,,, measurements all come

from carbonates.

4 | GEOCHEMICAL RESULTS

The 513C data of both carbonate and organic matter from our meas-
ured sections are presented in Figure 1. The Ol and Sheepbed for-
mation carbonates are both isotopically light—a characteristic of
post-snowball Earth deposits. The Sheepbed carbonate has an aver-
age value of -5.9 with a total range of 3.6. The Ol carbonate has an
average value of -3.2 and carries a slight trend of increasing 613C ..,
upsection, with a range of 4.5.

The Ol and Sheepbed formation 513C°rg, unlike the coeval
613C_,,, have strongly variable compositions over these same inter-
vals. Immediately after cap carbonate termination, the Ol Formation
613C0rg carries a heavy composition of -13.3. Over the subsequent
10 m (moving upsection), the 613COrg decreases by ~12, reaching a
more characteristic §13C,, value of ~25. In the subsequent 80 m, the

513C0rg remains stable, with an average value of -24. In the Sheepbed
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Formation, where we extracted and measured organic matter from
both shale and interbedded carbonate lenses, only the carbonate-de-
rived organic matter showed a similar anomaly to the Ol Formation.
The 613C,,_ (the 613C of organic matter sourced from the carbon-
ate lenses) reaches its maximum value of -11.8 immediately above
the cap carbonate, then over 20 m, the isotopic composition de-
creases before stabilizing at an average composition of -29.5. The
813Crg _ (613C of organic matter sourced from the shale) in contrast
remains constant with a composition of -31 throughout the section.

The strongly variable §13C,, and near constant 61°C,, in both
of these sections result in a correspondingly variable ey, ., (the
isotopic offset between phases). While the stratigraphic length scale
over which this change occurs is different between the sections,
both show a trend of initially sharply decreasing e,5_c,r, that subse-
quently stabilizes at more typical values (Hayes, Strauss, & Kaufman,
1999). The Sheepbed section approaches a £,,_cart, Of 24.5, while the
Ol approaches a eqg_car, Of 21.5. Most notably, the 5,5, Of 78, as
measured at the base of both sections, are extremely unusual in the
geologic record.

Isotope data are accompanied by measurements of organic
carbon content, noted as TOC. The TOC in both the Ol and the
Sheepbed are low, where only two samples from the Ol exceeded
0.4%, and all of the Sheepbed samples are <0.3%. The Ol sample
with the greatest TOC is also an isotopic outlier, with a §13C,, 4.7
lighter than the next lightest sample. While all the samples have
low TOC, the anomalous samples in the Ol formation are relatively
enriched in TOC compared to the overlying 40 m. This enrichment,
however, is only barely resolvable given the 0.05% precision of the
TOC measurement. The Sheepbed does not show the same trend,
and the TOC of the isotopically anomalous samples, 0.06%, is not
statistically different from the TOC of the section above.

The trend of increasing €q5_carp, UPsection in the Sheepbed and
Ol formations stands in contrast with typical post-cap carbonate

sections where g,.,_.., Femains constant (see Figure S1). The light

org—
813C, is characteristic of this time (Hoffman et al., 1998); however,
the trend in 513C,,, requires further explanation. Observing a simi-
lar 13C,,q

and lithologies suggests that the process creating these signals may

signal in two sections deposited in different paleo-basins

share an origin and may reflect some fundamental aspect of carbon
cycling during the post-Marinoan world. However, the counterpart,
wherein all other post-Marinoan sections do not carry this behavior,
must also factor into any model describing these data (cf. Sansjofre
et al. 2011).

5 | DISCUSSION

It is common for sedimentary organic matter to carry an isotopic
composition offset from carbonate by roughly 20-30 (Hayes et al.,
1999; Johnston, Macdonald, Gill, Hoffman, & Schrag, 2012). For the
majority of the stratigraphy examined for this study, the e, car IS
indeed within this window with a mean of 22.6 and in keeping with

observations from sedimentary units younger than 800 million years
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old (Hayes et al., 1999). These more typical observations are con-
trasted with exceedingly small &,.,_c,, values lower in the Ol and
Sheepbed formations—these minimal isotopic offsets require ad-
ditional or perhaps even atypical behavior within the marine car-
bon cycle. These observations can thus be considered in a variety
of fashions, from interrogating the variability within fractionation
factors themselves, to physical changes in the ocean-atmosphere
system during deglaciation that might enable the production and
preservation of the observed signal.

To enable this discussion and quantitatively consider the conse-
qguences of a post-glacial ocean, we developed a model that simulates
the ocean-atmosphere system immediately after the termination of
snowball Earth (Figure 2). This model updates and extends previous
work on the hydrology and carbon geochemistry of the post-Mari-
noan recovery (Higgins & Schrag, 2003) and stands in complement
to recent Ca?* and Mg?* isotope modeling (Ahm et al., 2018). The
explicit goal is to quantitatively explain both the more common §13
C values and the anomalous €,,_carp,. TO do so, we track the flux and
isotopic composition of carbon—as well as the flux of other biogeo-
chemically significant elements like phosphorus and calcium—be-
tween three boxes: the atmosphere, surface ocean, and deep ocean.
Organic matter and carbonate produced in the surface ocean box
contribute to a modeled sedimentary record, which can be compared
to the measured sections. Given modern inputs, the model is conser-
vatively tuned to approach a steady state that reflects roughly mod-
ern conditions for atmospheric CO, concentration, f,.,, dissolved
inorganic carbon (DIC) partitioning, carbon export flux, and carbon
isotope fractionation. Further, when modeling the post-glacial re-
covery, the model incorporates new thinking on marine stratifica-
tion timescales (Yang et al., 2017). The initial parameterization of
the model best reflects the conditions immediately after snowball
Earth (Bao et al., 2008; Kasemann, Hawkesworth, Prave, Fallick, &
Pearson, 2005; Sansjofre et al., 2011). A full model description and
extensive sensitivity test are provided in Appendix S1.

The treatment presented herein is set to target the carbon iso-
tope outputs of the ocean and atmosphere system. Importantly, re-
cent work highlights the dynamics between surface and deep ocean
exchange in the snowball aftermath (Yang et al., 2017). For instance,
it has been suggested that the stratified post-snowball ocean could
last for upwards 50,000 years before modern-like circulation re-
sumes—meaning that the ocean could be strongly heterogeneous
with respect to the isotopic composition of DIC. We track this fea-
ture, as mixing is initially set such that the deep ocean overturns with
an e-folding time of 50,000 years, and then relaxes to a residence
time of 2,000 years (Figure S3). It is also expected that in the imme-
diate post-snowball Earth, high atmospheric CO, drives the surface
ocean to low pH. On a longer time scale, the DIC, alkalinity, and pH
of the surface ocean recover as a function of continental weathering
inputs. The strong density stratification between the surface and
deep ocean inhibits immediate thermohaline circulation and isolates
the surface ocean. This means that very little of the surface ocean
DIC increase originates from the deep ocean upwelling. Due to this

gradual buildup of alkalinity, carbonate precipitation does not occur
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FIGURE 2 The boxes and fluxes of
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the carbon isotope model. The volcanic
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CO, flux is the only net source of carbon
to the system (1), while organic matter
and carbonate deposition are the only
net sink (8-9). Water and all other species
of interest—primarily carbon but also
phosphate, salinity, and oxygen—are
€O, T exchanged between the boxes through
riverine weathering (3-4), gas exchange

H,0
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downwelling

immediately after deglaciation; instead, riverine fluxes must increase
surface ocean [Ca®"] and [cog‘] sufficiently to reach supersatura-
tion. This time gap is a feature not expressed in a well-mixed single
box ocean model and may help explain the cap carbonates charac-
teristically abrupt basal contact (Hoffman & Schrag, 2002). For most
marine chemical signatures (salinity, DIC, pH, etc), the model illus-
trates heterogeneity between the surface and deep ocean, which
quickly converge after the resumption of vigorous thermohaline
circulation.

In interpreting carbon isotopes, it is important to recognize that
both the oxidized (carbonate) and reduced (organic matter) compo-
nents of the carbon cycle are represented in the geological record.
As carbonate is interpreted as reflective of DIC, it is appropriate
to begin with an analysis of sedimentary §'3C_,,. As captured in
Figure 1, carbonate carbon initially carries a §13C of -2, before de-
creasing to a minimum of -5. With time, the isotopic composition
of carbonate gradually increases. These same stratigraphic obser-
vations have been previously explained by varying features like the
temperature at which the carbonate precipitates (Higgins & Schrag,
2003), and sediment-buffering/isotopic resetting (Ahm et al., 2018).
However, temperature is a key component of our model and linked
to atmospheric CO,, and cannot be independently varied to satisfy
carbonate §13C. Instead, the composition of carbonate is accounted
for via Rayleigh fractionation during the rapid draw down and sub-
sequent precipitation of the large atmospheric CO, pool (Hoffman

et al., 1998) and by decreasing forg @ mechanism classically invoked

\?/ | (5), hydrothermal circulation (6-7), and
co, particle sinking (8-9)

Surface Ocean

CaCO3 <- Ca®* + DIC

to shift 613C,,,, (Hayes et al., 1999). In addition to those listed above,
we consider contributions from carbonate versus silicate weathering,
the composition of weathered carbonates, changes in atmospheric
CO, and volcanic out-gassing, and variable phosphate availability. A
full sensitivity test of these parameters is available in Appendix S1.
After considering model implications for external perturbations
to the marine carbon cycle, we are left looking at the inter-workings
of the system itself, namely how organic carbon is generated and
how it adopts its associated isotopic composition. The fractionation
factor describing this process (eqq,_car) Can be roughly divided into
two main components, the direct biological contribution of carbon
fixation to eq_cap @nd the inorganic carbon speciation that sets
613Cp,c (acknowledging the role of diagenesis in slightly altering
Eorg_carty Ahm et al.,, 2018; Oehlert & Swart, 2014). Quantitatively,
fractionation factors respond most strongly to different environ-
mental factors. The inorganic component of £,_c,r, i driven by the
temperature-dependent equilibrium fractionation between carbon
species. For example, higher temperatures produce a smaller frac-
tionation. Due to the elevated greenhouse gas concentration (as
demonstrated in Figure S3), the surface ocean temperature where
the carbonate precipitation occurs was greatest shortly after degla-
ciation and quickly decreases as pCO, is drawn down. This decrease
in temperature, and corresponding increase in equilibrium fraction-
ation, corresponds in directionality to what is preserved in the geo-
logic record, but falls short of a silver bullet (Figure 3b). It has also

been argued that the §13C of DIC and the resulting carbonates are
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€, is parameterized as a function of CO, concentration, it carries a large consequence for £,.,_,1,- (b) Here, g, is fixed and surface ocean
temperature is prescribed. Higher temperatures generate isotopically heavier 513Corg (c) The prediction based on anomalous carbon inputs
(see text) for the middle scenarios in (a and b). The model behavior near the base of the stratigraphic sections reflects the post-glacial
disequilibrium and how the system approaches carbonate saturation, surface ocean-atmospheric equilibrium, all of which are proportional

to reservoir size

diagenetically altered along geochemical gradients associated with
the vigor of pore water versus seawater exchange (Ahm et al., 2018;
Higgins et al., 2018). One exciting and directly applicable result of
that work is revised estimates of the §13C of DIC in the post-Ma-
rinoan surface ocean (Ahm et al., 2018). These estimates, which
extend down to -11, only make understanding the §13C of organic
matter in our measured sections more difficult to explain (when re-
lated to offsets from DIC).

The biological component of £,.4_c,p, Primarily e, is also environ-
mentally dependent. Much experimental work illustrates that this
fractionation is dependent on CO, concentration, microbial growth
rate, and surface-to-volume ratio of the organism or cell (Popp et al.,
1998). We directly incorporate this CO, dependence (Figure 3a),
where growth rate is set as a function of continental weathering, and
surface-to-volume ratio is assumed constant. At elevated extracel-
lular CO, concentrations, consistent with the post-Marinoan world,
the e, becomes larger. Therefore at the beginning of the model sim-
ulation, when CO, concentrations are greatest, the £p value is cor-
respondingly large. Large ¢, would tend to produce large ;.5 carbs
an observation that is strongly incompatible with the presence of
the §13C
driven by rapid CO, drawdown by microbial mats. This could aid

org aNOMaly. One might also consider a local disequilibrium
in changing the observed &, o, Value (Hoffman, Macdonald, &
Halverson, 2011; Lorian, Erez, & Lazar, 1992), but would have count-
er-acting effects on the §13C of local DIC (Ahm et al., 2018; Falk et al.,
2016).

In more detail, environmental controls, and specifically ties to
pCO,, have counter-acting effects on the isotopic offset between
carbonate and organic matter. High temperatures tend to decrease
equilibrium isotope effects, while high dissolved CO, concentrations

tend to increase e,. One might envision the physiological response

as acting as a stronger lever; however, this would require an initial
CO, concentration of 400 ppm followed by a gradual increase to
1,500 ppm to satisfy the observations. This contradicts both the
geologic evidence of cap carbonates and the geochemical/climato-
logical models of elevated CO,. If we forgo the environmental de-
pendence of ¢, and instead impose a single fractionation factor for
primary production, temperature becomes the dominant variable
controlling &,_car, However, realistic temperature changes (for in-
stance cooling the ocean from 30 to 5°C) only accommodate about
3 of the required 15 anomaly captured in the organic matter. This
also suggests that extracting paleo-barometric data from these re-
cords is beyond the current calibration of the carbon isotope system
(Sansjofre et al., 2011).

Through the analysis of model results, what is clear is that an
atypical carbon cycle is required to explain the anomalous isoto-
pic composition of organic matter. A full model sensitivity analysis,
demonstrating the isotopic leverage of changes in stratification
timescales, hydrologic cycling, weathering intensity and protolith,
riverine and P fluxes, volcanism, carbonate precipitation dynamics,
and many more (see Figures S4-S7), is captured in Appendix S1. In
short, these affiliated geochemical changes cannot account for the
613C observations.

It has been previously suggested an additional organic matter
flux (such as from weathering) could contribute to preserved marine
records (Johnston et al., 2012). Given isotope mixing, this additional
organic matter must have a reservoir size and prescribed isotopic
composition. For example, in Figure 2, the model above produces
an organic carbon flux with a composition of -35, but the bulk sed-
imentary §13C,, is about ~12. This overall value can be produced
either by mixing a small amount of very heavy organic carbon or a

large amount of relatively lighter (though still very heavy) organic
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matter. For instance, mixing in an anomalous composition of 20
would require a 42% contribution to the bulk sedimentary 61°C,,
whereas mixing in an anomalous composition of 10 would require a
92% contribution (recall that marine primary production is set by the
geochemical component of the model). The only strict constraint is
that the anomalous carbon must be heavier than the heaviest sedi-
value of -11.8.

To fit the stratigraphic trend in the data (Figure 2c), we model

mentary 61°C,,
this anomalous contribution following an exponential decay func-
tion as some still theoretical pool of carbon is gradually depleted in
mass. The combined 513C°rg (isotopically normal organic matter plus
an exogeneous source) is described by the following function:

s13C

—k-t
org—combined Jorg : 6org +Janoma|ous : (e ) : 6anomalous (1)
dt Jorg +Janoma|ous : (eik't)

)

where J,, is the flux of normal organic matter to the sediment, 5, is
the isotopic value of that normal organic matter, J,,omaious IS the initial
flux of anomalous carbon, k is a decay constant tied to the anomalous
flux, and 8,n0malous 1S the isotopic value of the anomalous carbon pool.
This is simply a fitting exercise where calculating an anomalous con-
tribution assumes that the magnitude of any anomalous flux is depen-
dent only on the time elapsed and the initial flux. A linear mixing model
could also be sufficient to explain the data, but given the nature of
the upsection trend, we prefer an exponential relationship. Further, we
imply no specific age model for these sections or the fit, but would
imply that the fit suggests relatively constant sediment deposition
in each locality. This assumption can be revisited if the source of the
513C0rg anomaly is uniquely identified. To that point, the solution to
this mixing problem is non-unique. Practically, however, it is still diffi-
cult to produce the heavy organic matter being contributed to the ma-
rine realm, so we conservatively adopted an anomalous composition
of -10. Given this composition, the sedimentary record can be fit by
varying the sedimentation rate of the whole sequence and the decay
constant (k) of the anomalous flux (Figure 2). The source of this organic

matter and what controls it delivery remains open.

6 | ENVIRONMENTAL SIGNIFICANCE

The simple fact that the anomalous 513C°rg is preserved in both
Mongolia and the Yukon, but not elsewhere in the world, differen-
tiates this anomaly from other, carbonate hosted excursions. More
typical carbonate-organic matter relationships are preserved in
Arctic Alaska (see SOM), China (Cui et al., 2017; Jiang et al., 2010;
McFadden et al., 2008; Shen et al., 2008; Wang et al., 2016), and
Brazil (Sansjofre et al., 2011), and are all compiled in Appendix S1.
Put differently, the §*3C,,, in Northwest Canada and Mongolia is an
outlier to that seen elsewhere; however, it does speak to a marine
carbon cycle vulnerable (at least on the local scale) to exogenous
contributions (Johnston et al., 2012) or differential diagenesis (Ahm
et al., 2018; Higgins et al., 2018). Further, the relationship between

TOC and the isotopic offset between organic matter and DIC is

indeed broadly consistent with other Neoproterozoic marine basins
(Figure S2). The answer to the mechanism behind this signal may in
fact be encoded in where we find (and do not find) the heavy 513C0rg

values. Importantly, we note the following:

1. these sections are not located in the same paleo-basin, and
2. the signal is even manifest in different host lithologies.

The cause of the anomaly must be common enough to have in-
dependently arisen in two locations without being so prolific that
it becomes globally distributed. This still begs the question of why
Mongolia and the Yukon are similar to one another, yet different
from other sampled post-Marinoan margins.

The Ol and Sheepbed formations, in addition to being litholog-
ically different, may also capture different depositional timescales.
The Sheepbed Fm. carbon anomaly is formed over 20 m of siliciclas-
tic deposition, while the Ol carbon anomaly is formed over only 10 m
of largely carbonate-dominated strata. This either speaks to the rel-
ative depositional rates (and the same overall time for the compared
stratigraphy), or heterogeneity between sites. As carbonate produc-
tion should outpace normal siliciclastic deposition, the stratigraphic
reach of the anomaly in both sections is further exacerbated. This
temporal variation, in addition to the spatial heterogeneity, further
discourages the idea that a single global process could produce the
observed anomalies.

The available data also allow for interrogation of how much or-
ganic matter is present within a sample (or section) as it relates to the
accompanying isotopic composition. In the Ol Formation, samples
with anomalous 513C0rg have significantly greater TOC than samples
from the immediately overlying strata. This observation could be ex-
plained by a low background organic matter flux that mixed with a
larger anomalous flux, summing to more TOC and a heavy isotopic
composition (see Equation 1). The relative standard deviation is large
on the TOC measurements, but observing the degree to which TOC
increases in the anomalous section, the anomalous 513C°rg possibly
accounts for more than 80% of the organic matter in this section.
This large contribution of anomalous organic matter to the observed
sedimentary 613Corg would suggest that the original composition
of the anomalous organic matter did not deviate significantly from
the observed value of -13. This framework helps explain the Ol
Formation; however, the Sheepbed Formation data do not lend it-
self to the same mixing analysis. Recall the differences in the 613Corg
between the host siliciclastics and the carbonate lenses, where only
carbonate lenses record a signal similar to the Old Formation.

7 | ENVISIONING THE CARBON CYCLE

A common mathematical way to vary the ¢ in geochemical

carb-org
models is to decouple the organic matter production from DIC and
carbonate precipitation. If, for example, there was a large reservoir
of dissolved organic carbon in the deep ocean, it may be possible

that the carbonate sampled one source, while the organic matter
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sampled another (Rothman et al., 2003). Although theoretically plau-
sible, our model cannot accommodate the observation, even with
the imposition of a large post-Marinoan DOC reservoir (see SOM).
In fact, even if deep ocean DOC was residually heavy from some
previous event, there is no physical justification for suddenly pre-
cipitating/depositing this pool at the time of the excursion, and only
on certain margins. Finally, the excursion occurs during a period of
marine stratification in which the deep ocean is less, not more, likely
to influence surface ocean and sedimentary processes.

If it is not possible to decouple the organic matter production
from carbonate precipitation would, it instead be possible to change
the environmental conditions in order to vary e.,,_org? SOMe micro-
bial metabolisms can produce unusually heavy organic matter, but
not nearly as heavy as is required to satisfy these observations (Van
Der Meer, Schouten, Leeuw, & Ward, 2000). As discussed earlier,
producing an &q,_org l€ss than 10 solely by changing environmental
conditions would require either low and increasing CO, concentra-
tions or unrealistically high temperatures. Smaller isotopic signals,
however, may be explained by differences in environmental condi-
tions (Popp et al., 1998) or differential diagenesis (Ahm et al., 2018).
It is possible that, for instance, the Ol Formation was deposited in
warmer waters, satisfying the smaller e ,,_o in the Ol than the
Sheepbed (21.5 vs. 24.5), but not the extremely small &, o at
the base of both sections. Ultimately, the most parsimonious model
results match the sedimentary record more closely when ¢, is held
constant, suggesting that either CO, was actually invariant over this
time period, not likely, or that e, was not strongly dependent on CO,,.

Still in search of an explanation for generating such isotopically
heavy organic matter, we can consider the idea that this organic
material is either (a) heavily altered, (b) not marine in origin, (c) not
contemporaneous with the sediments, or (d) some combination of
all. In situ alteration at high-temperature can be ruled out given the
relatively low grade of these units (see Appendix S1 for discussion).
Isotopically heavy organic matter with 513Corg values comparable
to the observed post-Marinoan anomaly can be found in modern
hypersaline microbial mats (Schidlowski, Matzigkeit, & Krumbein,
1984). The evaporative environments increase nutrient concentra-
tions and microbial growth rates until CO, becomes limiting, thereby
reducing &,. Our model includes a parameter of increased evapora-
tion due to the increased temperature and rapid hydrologic cycling,
but the surface ocean salinity is also greatly reduced by stratification
and glacial runoff during post-glacial time. Additionally, there is no
geologic evidence of evaporite formation or extensive microbialites
in the measured sections. Even without the specific hypersaline
conditions, a sufficiently thick microbial mat may inhibit CO, diffu-
sion and produce small €, values, but if this process was common
we would expect to observe such small fractionation over the 3 bil-
lion-year history of microbial mat formation.

Anoxic conditions caused by prolonged stratification would have
promoted the remineralization of sedimentary organic matter by
methanogenesis, with a possible isotopic consequence for the re-
sidual organic carbon. Methanogenesis does produce methane de-

pleted in 3¢, put porewater DIC, not the residual organic matter,
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adopts a complementary enriched 8¢ composition (Conrad, Claus,
& Casper, 2009; Whiticar, 1999). Producing the anomalous organic
matter via methanogenesis would require the subsequent fixing
of this DIC in sediment (Schrag, Higgins, Macdonald, & Johnston,
2013). Even if such a process occurred, it would not occur in suffi-
cient magnitude necessary to produce the observed anomalies.

The most parsimonious explanation for these anomalies is still
the addition of some unknown, exogenous, anomalous organic
carbon flux to the background organic carbon deposition. This is
taken from the clear, exponential decay of the signal upsection—a
characteristic feature of diminished mixing of adjacent, isotopically
distinct pools. However, our model does not assign a specific origin
to this flux; instead, it provides a generic pool of heavy organic car-
bon that mixes with the background production. As noted earlier,
the magnitude of this hypothetical flux is dependent on its isotopic
composition. Simply reproducing the organic matter anomaly does
not necessarily require the ultimate source of this anomalous OC
be identified. Instead, as in Johnston et al. (2012), we may provide
a general solution that is applicable regardless of the source of the
anomaly, noting that the real challenge remains outstanding—how to
generate such enriched organic matter.

One possible source of the anomalous organic carbon is the
newly exposed continents. Glacial scouring during the snowball
Earth event may have newly exposed an organic matter source
that was subsequently imported to these marine basins by physical
weathering (Hood et al., 2009). The anomalous carbon weathering
from the continent also explains the two different §13C,,, values
in the Sheepbed section. The §13C,, _, values, consistently offset
from 613C_,,,, probably sample organic matter produced contem-
poraneously in the photic zone. The 513C0rg,c, which carries the
carbon isotope anomaly in the carbonate lenses, may have formed
during pulsed weathering events. It is also critical to note the dif-
fering alteration histories of these two lithologies. In particular
is the acknowledgment that the carbonate was surely subject to
open system diagenesis, as evidenced by 618C,, value (Macdonald
et al., 2013) and arguments derived from heavier isotope systems
(Ahm et al., 2018). Whatever the case, this decoupling disappears
quite rapidly. Returning to the source of the organics, excess riv-
erine input would deliver alkalinity to the DIC-rich surface ocean
forming the carbonate lenses while simultaneously delivering the
heavy organic matter weathered from the continent. Another pos-
sible transient source of organic matter to the sediment is from
organic matter in cryoconite pans (Hoffman, 2016). This organic
matter, closely associated with the glacier, would be released into
the ocean as the ice receded. This organic matter would proba-
bly form in close equilibrium with atmospheric CO, and would
therefore have typical light 613C°rg values, not the -10 character-
istic of the anomaly. However, isotopic arguments could indeed
be met if the terrestrial source of the organic matter was weath-
ering of higher metamorphic grade rocks in the hinterlands. It is
understood that at higher temperatures, iron-bearing carbonate
rocks can disproportionate (French, 1971), and in the process gen-

erate reduced carbon (cf. graphite) with a characteristic isotopic
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composition similar to what is observed in both anomalous strati-
graphic sections (>10; Chacko, Mayeda, Clayton, & Goldsmith,
1991, Van Zuilen, Lepland, & Arrhenius, 2002]. Challenging this
interpretation, the Ol formation has no geologic evidence of sig-
nificant terrestrial input, nor is an obvious source rock located in
the hinterlands.

8 | CONCLUSION

We present a coupled carbonate-organic matter record through
post-Marinoan sedimentary successions in the Northwest
Territories of Canada and Mongolia. The §13C of carbonate is char-
acteristic of global trends, whereas the isotopic composition of
the organic matter diverges from this global prediction. After a
thorough tour of potential mechanisms that could drive such an
effect, we are left without a unique environmental solution. The
long-term stable stratification of the ocean in the immediate af-
termath of the Neoproterozoic snowball Earth events is possibly
unique in geologic history, but this environmental condition would
not necessarily generate the anomalous §3C,, observed in the
Ol and Sheepbed formations. Prior explanations of anomalous
513C0rg signals relied on the presence of a large deep ocean pool
of DOC, but our model shows that even if such a pool existed, the
stable stratification would make such a pool inaccessible to sur-
face ocean processes (Rothman et al., 2003). Further these isotope
signals do not reflect the effect of changing pCO, on algal physiol-
ogy. Instead, the heavy 513Corg data can only sensibly be described
by the addition of an exogenous, anomalous organic carbon flux
to the sediment (Johnston et al., 2012), perhaps represented by
higher temperature carbon reactions and subsequent weathering.
We lack a unique solution for the generation of this organic mat-
ter; however, a non-marine solution would avoid the constraint
imposed by buffering with a marine DIC budget. In the end, we are
left with a robust, but challenging observation at an anomalous,
but alluring period in Earth history.
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